
Earth and Planetary Science Letters 288 (2009) 255–267

Contents lists available at ScienceDirect

Earth and Planetary Science Letters

j ourna l homepage: www.e lsev ie r.com/ locate /eps l
Iron isotopes may reveal the redox conditions of mantle melting from Archean
to Present

Nicolas Dauphas a,b,⁎, Paul R. Craddock a, Paul D. Asimow b, Vickie C. Bennett c,
Allen P. Nutman d, Daniel Ohnenstetter e

a Origins Laboratory, Department of the Geophysical Sciences and Enrico Fermi Institute, The University of Chicago, 5734 South Ellis Avenue, Chicago, IL 60637, USA
b Division of Geological and Planetary Sciences, California Institute of Technology, Pasadena, CA 91125, USA
c Research School of Earth Sciences, The Australian National University, Canberra, ACT 0200, Australia
d Institute of Geology and Chinese International Centre for Precambrian Research, Chinese Academy of Geological Sciences, 26 Baiwanzhuang Road, Beijing, 100037, China
e Centre de Recherches Pétrographiques et Géochimiques, CNRS-Université de Nancy, 15 rue Notre-Dame-des-Pauvres, 54501 Vandoeuvre-lès-Nancy, France
⁎ Corresponding author. Origins Laboratory, Departme
and Enrico Fermi Institute, The University of Chicago, 57
IL 60637, USA.

E-mail address: dauphas@uchicago.edu (N. Dauphas

0012-821X/$ – see front matter © 2009 Elsevier B.V. A
doi:10.1016/j.epsl.2009.09.029
a b s t r a c t
a r t i c l e i n f o
Article history:
Received 3 June 2009
Received in revised form 14 September 2009
Accepted 16 September 2009
Available online 28 October 2009

Editor: R.W. Carlson

Keywords:
iron
isotope
redox
melting
mantle
island arc
Archean
High-precision Fe isotopic data for 104 samples, including modern and ancient (≥3.7 Ga) subduction-related
magmas and mantle peridotites, are presented. These data demonstrate that mid-ocean ridge and oceanic-
island basalts (MORBs and OIBs) have on average small, but distinctly (~+0.06‰) higher 56Fe/54Fe ratios
than both modern and Eoarchean boninites and many island arc basalts (IABs) that are interpreted to form
by large degrees of flux melting of depleted mantle sources. Additionally boninites and many IABs have iron
isotopic compositions similar to chondrites, fertile mantle peridotites, Eoarchean mantle peridotites, and
basalts from Mars and Vesta. The observed variations are best explained by the bulk silicate Earth having a
near-chondritic iron isotopic composition, with ~+0.3‰ equilibrium isotope fractionation between Fe3+

and Fe2+ and preferential extraction of isotopically heavier, incompatible Fe3+ during mantle melting to
form oceanic crust (as represented by MORBs and OIBs). A quantitative model that relates the iron isotopic
composition of basaltic magmas to the degree of partial melting, Fe3+/Fe2+ ratio, and buffering capacity of
the mantle is presented. The concept that redox conditions may influence iron isotopic fractionation during
melting provides a new approach for understanding the redox conditions of magma genesis on early Earth
and Mars. Experimental and theoretical work is required to establish iron isotopic fractionation as an
oxybarometer of mantle melting.
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1. Introduction

Earth,Mars and Vesta experienced different redox conditions during
planetary differentiation (e.g. Wadhwa, 2008). Following core forma-
tion, the silicate portions of all three bodies began at relatively low
oxygen fugacity. Hydrogen loss (from reduction of H2O) or production
and subsequent removal of metal (from disproportionation of Fe2+ to
Fe0 and Fe3+) drove the terrestrial mantle towards more oxidized
conditions (e.g., Frost and McCammon, 2008). These processes may
have left an imprint on the iron isotopic composition of Earth's crust.

The iron isotopic composition of the bulk silicate Earth (BSE) has
been the subject of some controversy over the past several years (e.g.,
Weyer et al., 2005, 2007; Schoenberg and von Blanckenburg, 2006;
Weyer and Ionov, 2007; Poitrasson, 2007; Beard and Johnson, 2007).
Terrestrial basalts formed in a variety of tectonic settings have ap-
proximately homogeneous iron isotopic composition (Beard and
Johnson, 1999; Beard et al., 2003; Poitrasson et al., 2004; Schoenberg
and von Blanckenburg, 2006; Weyer and Ionov, 2007), which is en-
riched by ~+0.1‰ in 56Fe/54Fe ratio relative to chondrites (Poitrasson
et al., 2004, 2005; Dauphas et al., 2004a; Schoenberg and von
Blanckenburg, 2006). In contrast, basalts from Mars and Vesta have
near-chondritic iron isotopic composition (Poitrasson et al., 2004;
Weyer et al., 2005; Anand et al., 2006; Schoenberg and von
Blanckenburg, 2006). Three interpretations have been proposed to
explain the non-chondritic iron isotopic composition of MORBs,
OIBs, and continental basalts. One is high-pressure (>100 GPa) equi-
librium fractionation between metal and silicate during core formation
(Polyakov, 2009), yielding a non-chondritic mantle that might be
sampled by mid-ocean ridge magmatism. A second is kinetic isotope
fractionation associatedwith evaporative loss ofmetallic ironduring the
Moon-forming impact (Poitrasson et al., 2004), again possibly yielding a
non-chondritic mantle. Alternatively, the mantle source might be
chondritic in its iron isotopic composition but the basalts derived from
themantlemight be fractionated, e.g. if redox conditions influence how
iron isotopes partition between liquid and solid during partial melting
(Williams et al., 2005; Weyer and Ionov, 2007).
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Table 1
Iron isotopic compositions of geostandards, chondrites, and terrestrial igneous rocks.

Sample type Name/catalog no. δ56Fe
(‰)

δ57Fe
(‰)

Geostandards and reference samples
Granite, Ailsa Craig Island, Scotland AC-E 0.309±0.026 0.487±0.039
Andesite, Oregon, USA AGV-2 0.105±0.017 0.152±0.025
Basalt, Oregon, USA BCR-2 0.087±0.023 0.141±0.040
Basalt, Hawaii, USA BHVO-1 0.104±0.014 0.162±0.023
Dunite, Washington, USA DTS-2B 0.017±0.047 0.047±0.043
Peridotite, California, USA PCC-1 0.030±0.021 0.059±0.033
Pillow basalt, Hawaii, USA T4D2#1 0.058±0.032 0.104±0.057

Chondrites
Murchison (CM2) MNHN no2435 −0.017±0.020 −0.002±0.030
Lancé (CO3) Me 1351 #3 −0.017±0.039 −0.036±0.065
Allende (CV3) USNM 3529 −0.004±0.020 0.006±0.028
Paragould (LL5) Me 2135 #15 −0.029±0.055 −0.053±0.090
Saint-Séverin (LL6) MNHN no2397 0.013±0.039 0.015±0.065
Farmington (L5) Me 347 #10 −0.043±0.032 −0.047±0.045
Bielokrynitschie (H4) Me 1394 #10 0.007±0.037 −0.037±0.058
Ochansk (H4) Me 1443 #13 0.008±0.055 −0.008±0.090
Kernouvé (H6) MNHN no602 0.017±0.055 0.038±0.090
Indarch (EH4) Me 1404 #60 0.027±0.029 0.033±0.047
Saint-Sauveur (EH5) MNHN no1456 −0.020±0.033 0.007±0.070
Blithfield (EL6 breccia) Me 1979 #7 −0.140±0.030 −0.191±0.045
Hvittis (EL6 breccia) Me 578 #4 0.032±0.032 0.037±0.045

Modern island arc basalts
New Britain

Basalt, New Britain NMNH 116852-1 −0.037±0.022 −0.043±0.034
Basalt, New Britain NMNH 116852-2 0.084±0.031 0.119±0.043
Basalt, New Britain NMNH 116852-3 0.063±0.032 0.112±0.045
Basalt, New Britain NMNH 116852-4 0.007±0.029 −0.009±0.043
Basalt, New Britain NMNH 116852-5 0.039±0.032 0.052±0.045
Basalt, Unea NMNH 116852-6 0.089±0.023 0.154±0.035
Basalt, Garove NMNH 116852-7 0.124±0.028 0.207±0.051
Basalt, Garove NMNH 116852-8 0.074±0.029 0.107±0.043
Basalt, Mundua NMNH 116852-9 0.111±0.028 0.145±0.051
Basalt, Mundua NMNH 116852-10 0.119±0.032 0.185±0.045
Basalt, Undaka NMNH 116852-11 0.143±0.022 0.228±0.037
Basalt, Narage NMNH 116852-12 0.054±0.032 0.041±0.045

Tonga
Anorthite basalt, Eua NMNH 111549-7 0.010±0.032 −0.008±0.045
Basaltic andesite, Hunga Ha'apai NMNH 111550-1 0.049±0.036 0.065±0.069
Basaltic andesite, Hunga Ha'apai NMNH 111550-3 0.033±0.028 0.041±0.044
Lava, Metis Shoal NMNH 111108 0.050±0.029 0.066±0.043

Izu–Mariana
Augite basalt, Agrihan NMNH 108982-4 0.019±0.029 0.043±0.043
Augite basalt, Pagan NMNH 108982-5 0.027±0.029 0.028±0.043
Augite basalt, Pagan NMNH 108982-6 0.032±0.028 0.034±0.044
Augite basalt, Alamagan NMNH 108982-7 0.068±0.036 0.072±0.069
Augite basalt, Pagan NMNH 108982-8 0.025±0.029 0.042±0.043
Augite-hypersthene basalt, Saipan NMNH 108982-37 0.119±0.029 0.163±0.054
Augite-hypersthene basalt, Saipan NMNH 108982-107 0.101±0.029 0.176±0.054
Augite-hypersthene basalt, Saipan NMNH 108982-135 0.083±0.036 0.133±0.069
Olivine basalt, O-shima NMNH 112960 0.012±0.029 −0.026±0.042

Modern boninites
Muko-Jima, Bonin islands NMNH 116469 −0.010±0.029 0.005±0.054
Chichi-Jima, Bonin islands 780/67a 0.032±0.032 0.045±0.057
Chichi-Jima, Bonin islands 780/67c 0.023±0.032 0.018±0.057
Chichi-Jima, Bonin islands 780/67g 0.040±0.031 0.076±0.049
Chichi-Jima, Bonin islands 780/67h 0.024±0.031 0.042±0.049
Népoui, New Caledonia BON 1 0.048±0.031 0.115±0.049
Népoui, New Caledonia RB 1D 0.039±0.033 0.075±0.070
Népoui, New Caledonia RB 2 0.032±0.037 0.026±0.058
Népoui, New Caledonia RB 3 0.057±0.037 0.126±0.058
Népoui, New Caledonia RB 5 0.012±0.039 0.001±0.065
Népoui, New Caledonia RB 6 0.020±0.033 0.012±0.070
Népoui, New Caledonia RB 7 0.033±0.037 0.030±0.058
Népoui, New Caledonia RB 13 0.040±0.037 0.047±0.058
Népoui, New Caledonia RB 14 0.016±0.033 0.036±0.070
Népoui, New Caledonia RB 21 0.010±0.037 0.046±0.058
Népoui, New Caledonia RBP 5 0.051±0.039 0.053±0.065
Népoui, New Caledonia RBP 6 0.043±0.033 0.042±0.070
Népoui, New Caledonia RPQ 1A 0.053±0.039 0.049±0.065
Népoui, New Caledonia RB Pont7 0.016±0.055 0.008±0.090
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Table 1 (continued)

Sample type Name/catalog no. δ56Fe
(‰)

δ57Fe
(‰)

Modern boninites
Népoui, New Caledonia RR 10 0.057±0.039 0.071±0.065
Népoui, New Caledonia BON P 0.009±0.055 0.049±0.090

Eoarchean igneous rocks
Amphibolites of IAB chemical affinity

Isua 3.8 Ga basalt G93-35 0.037±0.032 0.072±0.045
Isua 3.8 Ga basalt JG03-40b 0.051±0.029 0.077±0.044
Isua 3.8 Ga basalt JG03-42 0.050±0.027 0.080±0.042
Isua 3.8 Ga basalt JG03-48 0.021±0.028 0.024±0.037
Isua 3.8 Ga basalt JG03-52 0.038±0.028 0.060±0.037
Isua 3.8 Ga basalt JG03-60 0.102±0.032 0.143±0.045
Isua 3.8 Ga basalt JG03-62 0.014±0.027 0.042±0.042
Isua 3.8 Ga basalt JG03-63 0.075±0.017 0.108±0.026
Isua 3.7 Ga amphibolite G04-86 0.123±0.038 0.198±0.062
Isua 3.7 Ga amphibolite G04-87 0.096±0.029 0.151±0.047
NW Isua 3.7 Ga amphibolite G05-32 0.012±0.027 0.004±0.042
NW Isua 3.7 Ga amphibolite G05-33 0.014±0.027 −0.002±0.042
Akilia >3.85 Ga metavolcanics JG03-03 0.013±0.029 0.020±0.047
Akilia >3.85 Ga metavolcanics G99-33 0.052±0.021 0.069±0.033

Amphibolites of boninite chemical affinity
NE Isua 3.7 Ga boninite G04-73A 0.032±0.027 0.090±0.042
NE Isua 3.7 Ga boninite G04-73B 0.006±0.028 0.000±0.037
NE Isua 3.7 Ga boninite G04-75 0.005±0.028 0.023±0.037

Mafic and ultramafic plutonic rocks
S of Isua >3.8 Ga gabbros G91-87 0.124±0.038 0.218±0.062
S of Isua >3.8 Ga gabbros G97-22 −0.044±0.025 −0.042±0.046
S of Isua >3.8 Ga layered harzburgite G93-72 0.163±0.019 0.249±0.028
SE Qilanngarssuit >3.85 Ga? gabbro G91-30 0.045±0.029 0.077±0.047
SE Qilanngarssuit >3.85 Ga? gabbro G93-149 0.060±0.038 0.102±0.062
SE Qilanngarssuit >3.85 Ga peridotite G99-21 −0.054±0.029 −0.068±0.047
SE Qilanngarssuit >3.85 Ga? peridotite G01-54 −0.030±0.038 −0.034±0.062
SE Qilanngarssuit >3.85 Ga? peridotite G01-56 −0.038±0.038 −0.035±0.062
SE Qilanngarssuit >3.85 Ga? peridotite G01-84 0.026±0.029 0.054±0.044

Tonalites
S of Isua 3.8 Ga tonalite G97-18 0.146±0.027 0.186±0.042
W of Akilia 3.85 Ga tonalite G01-113 0.070±0.026 0.119±0.039
Qilanngarssuit 3.85 Ga tonalite G99-22 0.011±0.028 0.022±0.037
N of Isua 3.70 Ga tonalite 3.7 0.139±0.028 0.210±0.037

Peridotites of probable mantle origin
S of Isua >3.8 Ga dunite G93-42 0.013±0.020 0.016±0.029
S of Isua >3.8 Ga dunite G93-48 0.128±0.028 0.191±0.043
NW Isua ~3.7 Ga dunite G05-35 0.019±0.015 0.012±0.024
NW Isua ~3.7 Ga dunite G07-09 0.012±0.029 0.037±0.047
NW Isua ~3.7 Ga dunite G07-10 0.036±0.027 0.011±0.042
NW Isua ~3.7 Ga dunite G07-35 0.019±0.027 0.028±0.042
SE Narssaq >3.82 Ga dunite G01-03 −0.070±0.022 −0.106±0.032
SE Narssaq >3.82 Ga dunite G01-05 0.016±0.019 0.025±0.029

Error bars are 95% confidence intervals. A complete data table including replicate iron isotope analyses and major element compositions is available in Appendix A.
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Important data that bear on the issue of the composition of the
silicate Earth are the measurements of mantle peridotites by Weyer
and Ionov (2007). In these samples, the iron isotopic composition
{δ56Fe=[(56Fe/54Fe)sample / (56Fe/54Fe)IRMM-014−1]×1000, where
IRMM-014 is a reference material with near-chondritic 56Fe/54Fe
ratio} and degree of melt extraction {Mg#=Mg/(Mg+Fe)molar}
appear to be correlated. The slope of the correlation is consistent with
~+0.1‰ fractionation between melt and solid. The δ56Fe value of the
fertile mantle inferred from this correlation is ~+0.02 to +0.05‰,
suggesting a near-chondritic value for the fertile upper-mantle. If
Earth's mantle had a near-chondritic iron isotopic composition, then
what is the mechanism responsible for the iron isotopic fractionation
between Earth's crust and mantle? How is it influenced by degree of
melting and iron oxidation state? Has this fractionation changed over
geological time?

Previous high-precision studies of basalts have focused on
Phanerozoic (<542 Ma) MORBs and OIBs formed by decompression
melting (Poitrasson et al., 2004; Schoenberg and von Blanckenburg,
2006; Weyer and Ionov, 2007; Teng et al., 2008; Schuessler et al.,
2009). Some subduction-related magmatic rocks have been studied
and these have δ56Fe values comparable to or heavier than MORBs
and OIBs (Heimann et al., 2008 and references therein). However,
only a few of these samples were from intra-oceanic subduction
systems. To more fully examine the processes that cause iron isotopic
fractionation during mantle melting, we have analyzed a set of well-
characterized Eoarchean and Phanerozoic igneous rocks (Table 1)
formed by flux melting (i.e. lowering of the solidus by influx of
volatiles) of variably depleted mantle sources (boninites and island
arc basalts—IABs). All Eoarchean samples (>3.6 Ga) are from the Itsaq
Gneiss Complex of southern West Greenland (Nutman et al., 1996)
and are from amphibolite units demonstrated to be of IAB and boni-
nite affinity from their bulk chemistry (Polat et al., 2002; Polat and
Hofmann, 2003; Jenner et al, 2009). Modern (Phanerozoic) IABs are
from New Britain, Tonga, and Izu–Mariana intra-oceanic arc systems
(BVSP, 1981). Modern boninites are from New Caledonia and Bonin
Islands and are classified as types 1 and 3 low-Ca boninites, repre-
senting high degree partial melts of very depleted mantle sources
(Crawford et al., 1989).
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2. Materials and methods

2.1. Analytical methods

Dauphas et al. (2004a, 2009) have described the method used for
iron isotopic analyses at the University of Chicago and the reader is
referred to these contributions for details. Samples were carefully
selected to avoid alteration. Most rock sampleswere rinsedwithmilli-
Q water and acetone and rock fragments were powdered in an agate
mortar. For Eoarchean rocks processed at the Australian National
University, samples were hand chipped into small fragments, and
powders prepared from interior pieces in an Al2O3 mill. For all
samples, powder aliquots of ~5−20 mg were transferred to Teflon
vials for digestion. Most samples were readily digested in vials with
standard mixtures of HF–HNO3–HClO4 and HCl–HNO3–HClO4. Alumi-
nous spinels or chromites in Eoarchean peridotites could not be
dissolved in regular vials. These phases were digested at ~180 °C in
Parr bombs using HF–HNO3. After dissolution, iron was separated
from matrix elements and potential isobars by anion-exchange chro-
matography in HCl medium (Strelow, 1980). At high HCl molarity
(6 M), Fe was efficiently retained by AG1-X8 resin while other ele-
ments passed through the column. Iron was then eluted with HCl at
Fig. 1. Evaluation of the accuracy of iron isotopic analyses (data in Appendix A). A. Mass fracti
origin and has a slope of ~(57–54)/(56–54)=1.5, in agreement with theoretical expectation
et al. 2003). B. Comparison between recommended δ56Fe values of geostandards and referen
this study (y-axis). C. Comparison between Fe isotopic compositions measured by standard
isotopic compositions measured with the protocol described by Dauphas et al. (2009)—shor
(Tang et al., 2009—long column). Error bars represent 95% confidence intervals.
lower molarity (0.4 M). Purified Fe was analyzed by multi-collector
inductively coupled plasma mass spectrometry (MC-ICPMS). Instru-
mental mass fractionation was corrected for by standard bracketing
with IRMM-014 reference material (Taylor et al., 1992). The measure-
ments were carried out in medium and highmass resolutionmodes to
resolve argide interferences from Fe isotopes (Malinovsky et al., 2003;
Weyer and Schwieters, 2003; Arnold et al., 2004; Poitrasson and
Freydier, 2005; Schoenberg and von Blanckenburg, 2005). Quoted
precisions of ~±0.03‰ (95% confidence interval) on δ56Fe take into
account the stability of the bracketing standard measured during the
analytical session as well as the long term external reproducibility of
geostandard BHVO-1. Dauphas et al. (2009) demonstrated that the Fe
isotopic analyses are accurate at this level of precision. Additional
tests of accuracy directly relevant to this study are presented below
(Fig. 1, Appendix A).

Iron isotopic analyzes can potentially be compromised by inter-
ferences of 54Cr+, 40Ar14N+, 40Ar16O+, and 40Ar16O1H+ on 54Fe+, 56Fe+,
and 57Fe+. The interference of 54Cr+wasmonitored and corrected for by
analyzing 53Cr+. Argide interferences were resolved from Fe isotopes
using medium and high mass resolution. If any interference remained,
this would have moved the data points away from the mass frac-
tionation line. Despite the narrow range of δ56Fe variations, all data
onation in δ56Fe–δ57Fe space. The data points define a straight line that goes through the
and previously documentedmass fractionation law in natural materials (e.g. Malinovsky
ce samples (x-axis, Dauphas and Rouxel 2006; Teng et al. 2008) and results obtained in
bracketing with (x-axis) and without (y-axis) Cu-doping. D. Comparison between Fe

t column) with one that is more time-consuming but improves separation of Fe from Cu



Fig. 2. Tectonic setting and iron isotopic compositions of island arc basalts (IABs) from
the New Britain intra-oceanic arc system of Papua New Guinea. A. Quaternary
volcanism is divided into 6 zones parallel to the trench (E, F, Gs, Gn, Hs, and Hn) that
overlie progressively deeper parts of the subducting slab (BVSP, 1981; Woodhead and
Johnson, 1993; Woodhead et al., 1998). B. δ56Fe correlates with TiO2 concentration, the
variations of which have been ascribed to decrease in water flux and degree of partial
melting with increasing depth and distance from the trench (Woodhead and Johnson,
1993; Woodhead et al., 1998). Basalts formed by low degrees of partial melting (high
TiO2) have δ56Fe similar to MORBs/OIBs (~+0.1‰) while samples formed by high
degrees of partial melting (low TiO2) have near-chondritic δ56Fe (~0‰). The blue area
is the 95% confidence band of linear regression through the data. (For interpretation of
the references to colour in this figure legend, the reader is referred to the web version of
this article.)
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points follow very closely mass-dependent fractionation (Fig. 1A),
demonstrating that themeasurements are free of isobaric interferences.

The isotopic compositions of several geostandards and reference
samples were measured repeatedly (AC-E granite, AGV-2 andesite,
BCR-2 basalt, BHVO-1 basalt, DTS-2B dunite, PCC-1 peridotite, T4D2#1
basalt). These rocks were selected because they have matrices similar
to the samples measured in this study and their δ56Fe values are
known from previous work. There is excellent agreement between
δ56Fe values reported here and recommended compositions (Fig. 1B;
Dauphas and Rouxel, 2006; Teng et al., 2008).

If matrix elements were not eliminated by anion-exchange
chromatography, this could affect instrumental mass fractionation
and cause inaccuracy. Another way of correcting instrumental frac-
tionation is to dope the solutions with Cu and assume that instru-
mental mass bias is identical for Cu and Fe. While this is not strictly
true, it represents a good diagnostic tool to recognize the presence of
matrix effects. Indeed, if such effects were present, δ56Fe measured by
standard bracketing alone and standard bracketing plus Cu-doping
would be different (unless Cu is insensitive to matrix effects, which is
unlikely). We measured several samples by standard bracketing with
and without Cu-doping and there is excellent agreement between the
two data sets (Fig. 1C). This is true for 3 basalts from New Britain
island arc (116852-1, 6, 11) that span the whole range of δ56Fe values
measured at that location.

While the method for routine purification of Fe described by
Dauphas et al. (2009) is very efficient, we have recently developed a
modified procedure aimed at measuring departure from mass
fractionation law at high precision (Tang et al., 2009). The aspect
ratio of the columnwas modified (from a length of 2.0 cm to 10.5 cm)
in order to increase the number of theoretical plates (Martin and
Synge, 1941) and an elution step with 4 M HCl was introduced before
elution of Fe to eliminate Cu (Strelow, 1980). The column separation
procedure was repeated 2 to 3 times. We measured a suite of samples
using this method. If chemical separation fractionated Fe isotopes
because of incomplete recovery or if matrix elements eluted together
with Fe affected instrumental mass bias, the results obtained with
both procedures would likely differ. As shown in Fig. 1D, there is
excellent agreement between the two methods. Again, this has been
verified for 3 basalts from New Britain island arc (116852-1, 6, 11)
that span the whole range of δ56Fe values measured at that location.

2.2. Sample descriptions

2.2.1. Chondrites
A total of 13 chondrites were analyzed (Allende, Murchison,

Hvittis, Farmington, Indarch, Blithfield, Bielokrynitschie, Saint-Sau-
veur, Lancé, Saint-Séverin, Ochansk, Paragould, Kernouvé). They
represent 8 major chondrite classes (CM, CO, CV, L, LL, H, EH, EL),
and cover most of the range of iron content and oxidation state found
in undifferentiated meteorites (e.g. Sears and Dodd, 1988). Brecciated
EL6 chondrite Blithfield shows evidence for extensive iron remobili-
zation (Rubin, 1984).

2.2.2. Modern island arc basalts (IABs)
Three modern intra-oceanic-island arcs from the SW Pacific were

studied. Focus is given below to New Britain as more basalts from this
arc were analyzed.

2.2.2.1. New Britain. All 12 samples in the Island Arc Basalt Reference Suite
of BVSP (1981) were analyzed. These samples were provided by the
Smithsonian Institution (catalog nos. NMNH 116852-1 to 116852-12)
and have been extensively characterized for their chemical and
radiogenic isotope compositions (e.g. BVSP, 1981; Woodhead and
Johnson, 1993; Woodhead et al., 1998). Quaternary volcanoes
(<1.8 Ma) of the New Britain arc in Papua New Guinea formed as a
result of the northward subduction of the Solomon plate beneath the
Bismarck plate at a convergence rate of ~10 cm/yr. The present
configuration of subduction and plate kinematics was established
recently, following plate reorganization that was triggered by collision
of the Ontong–Java Plateau with the Manus–Kilinailau trench at about
10 Ma (e.g. Petterson et al., 1999; Mann and Taira, 2004). The New
Britain Arc is unique in that Quaternary volcanism extends over large
distances away from the trench (Fig. 2A) corresponding to depths to the
Wadati–Benioff zone from 100 km at the volcanic front to 600 km
beneath the Witu Islands. Johnson (1977) divided the volcanoes into 6
zones parallel to the trench (E, F, Gs, Gn, Hs, and Hn) that overlie
progressively deeper parts of the subducting slab. The samples span a
narrow range of chemical compositions, from 49.2 to 53.1 wt.% SiO2.
Major and trace element characteristics show similarities with other
“fluid-dominated” arcs (e.g. enrichment in LILEs relative to HFSEs, high
Ba/La). Isotopic studies (e.g. 10Be, Pb, Hf) indicate that the recycled
component involved in the generation of the lavas is dominated by
altered oceanic crust rather than sediment (Morris et al., 1990;
Woodhead and Johnson, 1993; Woodhead et al., 2001). U-series data
also constrain the residence time of slab-derived U in themantle wedge
prior tomagma genesis tomore than 105yr (Gill et al., 1993). Lavas from
the New Britain Island Arc are extremely depleted in HFSEs. An
interpretation put forward by Woodhead et al. (1998) is that this
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reflects extraction of themost incompatible elements by a prior episode
of melting associated with subduction at the now inactive Manus–
Kilinailau trench. Across arc trends in chemical compositions (e.g.
increase in Ti away from the trench) may be caused by a decrease in the
degree of partial melting and fluid flux with depth (Woodhead and
Johnson, 1993).

2.2.2.2. Tonga. Four rocks from Hunga Ha'apai, Metis Shoal, and Eua
islands were analyzed. They range in compositions from basalt to
dacite (from 49.19 to 64.25 wt.% SiO2). All specimens were provided
by the Smithsonian Institution (catalog nos. NMNH 111549-7,
111550-1, 111550-3, and 111108). Melson et al. (1970), Bryan et al.
(1972), and Ewart et al. (1973, 1994) reported chemical compositions
and petrographic descriptions of these samples. Ewart et al. (1998)
discussed in detail existing chemical and isotopic constraints on the
evolution of the Tonga–Kermadec arc system.

2.2.2.3. Izu–Mariana. Excluding boninites, 9 rocks from this arc system
were studied. The chemical compositions of the 8 samples from the
Mariana arc (catalog nos. NMNH 109982-4, 5, 6, 7, 8, 37, 107, and 135)
were reported in Tables 5 and 6 of Schmidt (1957). They comprise 5
basalts from Agrihan, Pagan, and Alamagan, as well as 3 andesites
from Saipan. The SiO2 concentrations range from 48.89 to 60.80 wt.%.
One sample from the Izu arc (O-shima Island) was studied (NMNH
112960). This basalt (48.02 wt.% SiO2) was characterized by Kuno
(1959) and Tatsumoto and Knight (1969). Stern et al. (2003) provided
a detailed description of the Izu–Bonin–Mariana subduction system.

2.2.3. Modern boninites
A total of 21 boninites were selected for this study. A spinel–

clinoenstatite–olivine–bronzite boninite from Muko-Jima (Bonin
Islands) was provided by the Smithsonian Institution (catalog no.
NMNH116469). Although its chemical composition is unknown, it may
be similar to sample #1 in Table 1 of Shiraki et al. (1980). Ohnenstetter
and Brown (1996) characterized 4 additional samples fromChichi-Jima,
Bonin Islands (780/67a, 780/67c, 780/67g, 780/67h). They are part of a
5-m-thick composite dyke, where sample 780/67h comes fromnear the
center and 780/67a from close to the margin. Of the samples from
Népoui (New Caledonia), a clinoenstatite boninite without olivine from
a thin dyke (BON 1) was described by Ohnenstetter and Brown (1992,
1996). The chemical compositions of the remaining 15 are reported for
the first time in Appendix A (RB 1D, 2, 3, 5, 6, 7, 13, 14, 21, RBP 5, 6, RPQ
1A, RB Pont7, RR 10). Ohnenstetter collected these samples in the
Rivière Rouge–Rivière Blanche area, near Népoui. They occur as pillow
lavas and massive flows. They are composed of phenocrysts of
clinoenstatite and olivine, microphenocrysts of orthopyroxenene with
overgrowths of clinopyroxene and amphibole, and microlites of
clinopyroxenes and Cr-spinel in a fresh glassy groundmass. These
boninites all have low CaO/Al2O3 ratios (~0.40), low CaO (~3.6 wt.%),
low FeOtot (~7 wt.%), high Al2O3 (~9 wt.%) and high alkali contents
(Na2O+K2O~2.4 wt.%). According to Crawford et al. (1989), they are
classified as type 1 low-Ca boninites. The 4 samples from Chichi-Jima
and the sample from Muko-Jima are type 3 low-Ca boninites. As far as
boninite petrogenesis is concerned, the samples from New Caledonia
may represent an end-member that formed by large water fluxing and
high degree of partial melting of a very depleted mantle source
(Crawford et al., 1989). The high water content of the melt inhibited
feldspar nucleation (Ohnenstetter and Brown, 1992).

2.2.4. Eoarchean igneous rocks
The Eoarchean Itsaq Gneiss Complex of southern West Greenland

contains the Isua supracrustal belt (ISB), which is the largest and best-
preserved occurrence of ~3.7 and ~3.8 Ga supracrustal rocks on Earth
(Nutman et al., 1996, 2002a; Rosing et al., 1996; Myers, 2001; Nutman
and Friend, 2009 and references therein). Zircon U–Pb geochronology
on Itsaq Gneiss complex samples gives protolith ages that range
between ~3.60 and 3.85 Ga. All rocks have been affected by
amphibolite or granulite facies metamorphism and have been
subjected to variable degrees of metasomatism, deformation, and
commonly migmatization. Samples least modified by these secondary
processes were targeted for this study. Although the prefix meta is
omitted in the following, one should bear in mind that all rocks have
been metamorphosed.

2.2.4.1. Amphibolites of IAB chemical affinity. In low-strain domains of
the ISB, relict pillow structures indicate that lavas were erupted under
water (Maruyama et al., 1992; Nutman et al., 1996; Komiya et al.,
1999). Some rocks show strong geochemical similarities to Phaner-
ozoic island arc basaltic-to-picritic volcanic rocks (Polat and Hofmann,
2003; Jenner et al., 2009). A suite of eight ~3.8 Ga IABs from the
southern edge of the ISB described by Nutman et al. (1996) and Jenner
et al. (2009) were selected for study (G93-35, JG03-40b, -42, -48, -52,
-60, -62, and -63). They span awide range of iron concentrations, from
9 to 16.3 wt.% Fe2O3. Other samples of island arc affinity from the
~3.7 Ga northern part of Isua (G04-86, G04-87, G05-32, G05-33,
unpublished) and more highly deformed rocks affected by granulite
facies from the island of Akilia with an age of ~3.85 Ga (JG03-03, G99-
33, Nutman et al., 2009) were also analyzed.

2.2.4.2. Amphibolites of boninite chemical affinity. Polat et al. (2002)
recognized the presence of boninite-like volcanic rocks in the ISB. Like
their Phanerozoic counterparts, they are characterized by high MgO,
Al2O3, Ni, and Cr contents but low Ti, Zr, Y and REE concentrations.
However, while modern boninites tend to have intermediate
compositions (52 to 63 wt.% SiO2, Crawford et al., 1989), Eoarchean
boninites are more basic (45 to 52 wt.% SiO2; Polat et al., 2002). Three
3.7 Ga volcanic rocks of boninitic affinity were selected for iron
isotopic analyses (G04-75, G04-73A, and G04-73B, unpublished).

2.2.4.3. Mafic and ultramafic plutonic rocks. Distinction between
metagabbros and metabasalts is based on their field occurrence.
Gabbros are often associated with compositionally layered ultramafic
rocks that represent the cumulate portion of dismembered igneous
intrusions (Dymek et al., 1988; Nutman et al., 1996). Three ~3.8 Ga
gabbros and plutonic ultramafic rocks from 5 to 10 km south of Isua
were selected for study (G91-87, G97-22, unpublished; G93-72,
Friend et al., 2002).We also analyzed 6 samples from ~3.85 Ga layered
gabbro and ultramafic enclaves of South-East Qilanngaarsuit island
(G91-30, G93-149, G99-21, Nutman et al., 2002b; G01-54, G01-56,
G01-84, unpublished).

2.2.4.4. Tonalites. The Itsaq Gneiss Complex is dominated by tonalite–
trondhjemite–granodiorite gneisses. Four tonalites were selected for
iron isotopic analyses (G97-18 dated at 3.81 Ga, Nutman et al., 1999;
G01-113 and G99-22 dated at 3.85 Ga, Nutman et al., 2007; 3.7 dated
at 3.7 Ga, unpublished). All these tonalites are well-preserved and
their crystallization ages are established by Pb–Pb dating of magmatic
zircons.

2.2.4.5. Peridotites of probable mantle origin. Identification of mantle
peridotites in highly metamorphosed terranes can be problematic
(Friend et al., 2002). Using stringent criteria, Rollinson (2007)
reevaluated the mantle peridotite protolith identifications of Friend
et al. (2002) and concluded that ~3.8 Ga harzburgite G93-42 and
dunite G93-48 were definitely of mantle origin. The unradiogenic
187Os isotopic compositions of these samples further confirm their
antiquity (Bennett et al., 2002) and these two samples were selected
for study. Additionally, four ~3.7 Ga peridotites from the northern side
of the ISB (G05-35, Nutman and Friend, 2009; G07-09, G07-10, G07-
35, unpublished) and two 3.85 Ga peridotites from South-East
Narssaq (G01-03 and G01-05, unpublished) were analyzed. We
wish to caution the reader that the protolith assignment of some of



Fig. 3. Iron isotope density distributions of chondrites and igneous rocks from Earth spanning a >3.8 billion year age range (modern and ancient mantle peridotites with Mg#>0.89,
basalts sensu stricto, and boninites), Mars (basaltic Shergottites), and asteroid 4 Vesta (Eucrites) (Table 1, Appendix A, Poitrasson et al., 2004, 2005;Weyer et al., 2005;Williams et al.,
2005; Anand et al., 2006; Schoenberg and von Blanckenburg, 2006;Weyer and Ionov, 2007; Teng et al., 2008; Schuessler et al., 2009). The grey vertical bar at δ56Fe=+0.02±0.03‰
is the inferred composition of the fertile upper-mantle (Weyer and Ionov, 2007).WhileMORBs and OIBs are enriched in the heavy isotopes of Fe (~+0.1‰) relative to chondrites and
the fertile upper-mantle, many IABs and most boninites and extraterrestrial basalts have near-chondritic δ56Fe. The inverted triangles are the input (i.e. measured) δ56Fe values, the
vertical yellow bars are normalized histograms (area=1, bin width=0.02), the smooth curves are kernel density estimations (Gaussian kernel with bandwidth=0.013, Bowman
and Azzalini, 1997). (For interpretation of the references to colour in this figure legend, the reader is referred to the web version of this article.)

Fig. 4. Average δ56Fe values of chondritic meteorites (high-precision data from Table 1;
Poitrasson et al., 2005; Schoenberg and von Blanckenburg, 2006, Teng et al., 2008). EL6
breccia Blithfield, which shows evidence for iron remobilization (Rubin, 1984) and has
anomalously low δ56Fe value, was excluded from this compilation. At a Fe/Si ratio of 0.85
(Allègre et al., 2001), the bulk Earth is estimated to have δ56Fe=−0.016±0.045 ‰.

261N. Dauphas et al. / Earth and Planetary Science Letters 288 (2009) 255–267
these samples is not without ambiguities and might change in the
future as our knowledge increases.

3. Results

EoarcheanperidotiteswithMg#>89(n=8)overall defineanarrow
range of compositions, with two outliers (Fig. 3, Table 1, Appendix A).
The mode of the distribution (δ56Fe~0.02‰) is identical to the value of
the fertile upper-mantle derived from measurements of modern
peridotites (Weyer and Ionov, 2007). Modern (n=21) and Eoarchean
(n=3) boninites define a narrow range of δ56Fe values centered at
+0.028±0.008‰ (±95% confidence interval, Table 1, Fig. 3). This is
identical to the fertile upper-mantle value of ~+0.02±0.03‰ (Weyer
and Ionov, 2007) or the average composition of basalts from Mars and
Vesta (+0.011±0.010‰, n=21) (Poitrasson et al., 2004; Weyer et al.,
2005; Anand et al., 2006; Schoenberg and von Blanckenburg, 2006). It is
also close to the chondritic value (−0.010±0.011‰, n=26) (Table 1;
Poitrasson et al., 2005; Schoenberg and von Blanckenburg, 2006; Teng
et al., 2008), yet falls significantly below MORBs and OIBs (+0.110±
0.018‰, n=31) (Poitrasson et al., 2004; Schoenberg and von Blanck-
enburg, 2006;Weyer and Ionov, 2007; Tenget al., 2008;Schuessler et al.,
2009). Although both modern (n=14) and Eoarchean (n=12) IABs
show δ56Fe density distributions that peak near the fertile mantle
composition, they extend to higher, MORB-like values (up to +0.14‰,
Table 1). Dauphas et al. (2004b, 2007a,b) measured Eoarchean mafic
and ultramafic rocks that had on average near-chondritic δ56Fe value
but the precision was insufficient to definitely rule out MORB-like
composition.

Chondrite groups show little variation in δ56Fe values (Table 1;
Poitrasson et al., 2005, Schoenberg and von Blanckenburg, 2006, Teng
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et al., 2008). Based on those measurements, the δ56Fe value of the
bulk Earth is estimated to be −0.016±0.045‰ (Fig. 4).

The iron isotopic compositions of basalts from the New-Britain
island arc correlate with TiO2 (Table 1, Appendix A, Fig. 2B), which is
an indicator of degree of melting in subduction-zone settings (Stolper
and Newman, 1994; Woodhead et al., 1998; Kelley et al., 2006). They
also correlate with other fluid-immobile incompatible elements such
as Yb (Bézos et al., 2009). Samples near the trench that have received
large influx of water from the subducting slab and represent high
degree partial melts (e.g. 17%; Woodhead and Johnson, 1993) have
compositions similar to the fertile mantle. Samples away from the
trench that have received smaller influx of water and represent lower
degree partial melts (e.g. 2%; Woodhead and Johnson, 1993) have
compositions similar to MORBs.

4. Discussion

As shown in this study, mafic magmas formed by flux melting in
subduction-zone settings have variable iron isotopic compositions,
ranging fromchondritic to+0.15‰heavier δ56Fe. Hereafter,wediscuss
the origins of the observed variations and their broader implications for
Earth and other terrestrial planets.

4.1. Magmatic differentiation

The removal of low δ56Fe cumulate minerals during magmatic dif-
ferentiation can drive evolved lavas towards high δ56Fe values (Teng
et al., 2008; Schuessler et al., 2009). However, this process cannot
explain the isotopic variations reported here because all IABs, MORBs,
and OIBs plotted in Fig. 3 are basalts sensu stricto (45–52 wt.% SiO2,
<5 wt.% Na2O+K2O) and no correlation is found between δ56Fe values
and indicators of magmatic differentiation (e.g. MgO, Appendix A)
within this narrow range of composition. The correlation between δ56Fe
and TiO2, an indicator of degree of partial melting (Fig. 2B) in New
Britain IABs, is further evidence that the observed variations reflect
source-related processes. The few near-chondritic δ56Fe values previ-
ously found in terrestrial magmatic rocks containing over 20 wt.% MgO
(compared to 4.45–10.80 wt.% for IABs in Fig. 3) are due to olivine
accumulation (Teng et al., 2008). Boninites are rich in MgO but do not
result from olivine accumulation. Rather, they are the product of high
degree partial melting of depleted sources at relatively low pressure in
the presence of water (Crawford et al., 1989).

4.2. Mantle metasomatism

Metasomatism is another process that can modify the iron isotopic
composition of mantle material (Beard and Johnson, 2004; Williams
et al., 2005; Weyer and Ionov, 2007). For example, sub-arc peridotites
show large variations in δ56Fe, with values as low as −0.56‰
documented (Williams et al., 2005). This could reflect kinetic isotope
fractionation associated with diffusion of iron from melts percolating
through peridotite (Weyer and Ionov, 2007) or mixing with slab-
derived melts enriched in the light isotopes of iron (e.g. δ56Fe=−3‰)
(Beard and Johnson, 2004;Williams et al., 2005). However, several lines
of evidence argue against these processes as the main cause for the
isotopic variations documented here. First, the density distributions of
δ56Fe in IABs and boninites peak at the inferred value of the fertile
upper-mantle (Fig. 3). If interpreted in terms of metasomatism, this
would require that fluid or magma interaction shifts the δ56Fe value of
themantlewedge by an exact quantity to produce fractionatedmagmas
with the composition of the fertile upper-mantle. Such a scenario seems
implausible. Second, one might expect metasomatism to produce a
wider range of iron isotopic compositions (e.g. as is observed in meta-
somatized peridotites, Beard and Johnson, 2004; Williams et al., 2005;
Weyer and Ionov, 2007). The opposite is true for the boninites analyzed
in this study (Fig. 3); boninites show a narrower range of δ56Fe values
(σ=0.018 ‰, reduced χ2=1.2 entirely explained by analytical
uncertainty) than MORBs and OIBs (σ=0.049‰, reduced χ2=24).
However, part of the dispersion in δ56Fe values of MORBs and OIBs
reported in previous studies (Poitrasson et al., 2004; Schoenberg and
von Blanckenburg, 2006; Weyer and Ionov, 2007; Teng et al., 2008;
Schuessler et al., 2009) might be due to inter-laboratory bias and non-
representativeness of the samples selected. The arguments pre-
sented here against metasomatism are mostly circumstantial, so one
cannot exclude definitively the possibility that transfer of isotopically
light Fe3+-bearing water-rich fluids from the subducting slab to the
mantle wedge induced melting, which might explain the correlation
between δ56Fe and degree of partial melting seen in New Britain
island arc.

4.3. Redox-controlled iron isotopic fractionation during melting

Iron isotopic fractionationassociatedwithmelting (Weyer et al., 2005;
Williams et al., 2005, 2009; Schoenberg and von Blanckenburg, 2006;
Weyer and Ionov, 2007) appears to be the most likely mechanism for
explaining the observed isotopic variations in mantle-derived magmatic
rocks. Weyer and Ionov (2007) suggested that a correlation between
δ56Fe and Mg# in mantle peridotites, reflected a constant ~+0.1‰ iron
isotopic fractionation between liquid and solid and a near-chondritic iron
isotopic composition for the silicate Earth (δ56Fe~+0.02‰ at
Mg#=0.894). These values were obtained by including mantle perido-
tites showing signs of metasomatism (Fig. 3A ofWeyer and Ionov, 2007).
If one excludes those samples, the δ56Fe value of the fertile mantle
increases to ~+0.05‰ but the correlation with Mg# is even steeper,
corresponding to ~+0.3‰ iron isotopic fractionation between liquid and
solid (Fig. 3B ofWeyer and Ionov, 2007). Accordingly, one cannot explain
the peridotite data presented by Weyer and Ionov (2007) by a fertile
mantle δ56Fe value of+0.1‰ and negligible isotopic fractionation during
melting, as some have suggested.

A difficulty with the idea that there is constant iron isotopic
fractionation between liquid and solid is that it does not readily explain
why basalts from Mars and Vesta have near-chondritic Fe isotopic
compositions (Poitrasson et al., 2004; Weyer et al., 2005; Anand et al.,
2006; Schoenberg and von Blanckenburg, 2006). It also cannot explain
why all boninites and many IABs have compositions identical to the
fertile upper-mantle (Fig. 3). Indeed, assuming a constant liquid–solid
isotopic fractionation in Fe isotopes, one would not expect to see much
change in δ56Fe values of magmas generated over a large melting
interval (up to 40%) (Williams et al., 2005; Weyer and Ionov, 2007).

These caveats led us to explore quantitatively the possibility that
the observed isotopic variations are primarily controlled by equilib-
rium fractionation between Fe2+ and Fe3+ during mantle melting
(Appendix B). As is the case for equilibrium fractionation between
phases, one can write an isotope exchange reaction between
oxidation states: 54Fe2++56Fe3+⇆56Fe2++54Fe3+. Because Fe3+ is
more incompatible than Fe2+ during partial melting (by a factor of
~10, Canil et al., 1994;Woodland et al., 2006) and given that ferric iron
usually has higher δ56Fe than ferrous iron (e.g. Polyakov and Mineev,
2000; Polyakov et al., 2007; Schuessler et al., 2007; Shahar et al., 2008;
Schoenberg et al., 2009), onewould expect the liquid to be enriched in
the heavy isotopes of iron relative to the solid residue (Williams et al.,
2005; Weyer and Ionov, 2007). Based on this hypothesis, we develop
the first quantitative model that relates the iron isotopic composition
of magmas to the degree of partial melting, Fe3+/Fe2+ ratio, and
buffering capacity of the mantle (Appendix B).

Equilibrium isotopic fractionation between Fe2+ and Fe3+ in solid
and liquid silicates at mantle temperature is not known experimen-
tally. However, nuclear inelastic resonant X-ray scattering and
Mössbauer spectroscopy of 57Fe can predict iron isotopic fractionation
both betweenminerals and within minerals between crystallographic
sites (Polyakov and Mineev, 2000; Polyakov et al., 2007; Schoenberg
et al., 2009). In all silicates studied by Polyakov and Mineev (2000)
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and Schoenberg et al. (2009), there is a systematic difference
between the β-factors (reduced isotopic partition function ratio) of
Fe2+ and Fe3+, but little variation from one mineral or site to another
for a given oxidation state and coordination number (i.e. 103 lnβFe3+−
103 lnβFe2+>0; 103 lnβFe3+, 103 lnβFe2+~constant for 6-fold coordi-
nation, Fig. 5). This is true both between and within minerals (Fe2+

in olivine, enstatite, and hedenbergite; Fe3+ in aegirine; Fe2+ and
Fe3+ in diopside and riebeckite), which can be summarized as 103

lnβFe3+mineral≈75×104/T2, 103 lnβFe2+mineral≈34×104/T2, and 103

lnβFe3+mineral−103 lnβFe2+mineral≈41×104/T2 (T in K). As expected,
the magnitude of the fractionation decreases with increasing
temperature (∝1/T2) but it is still significant at temperatures
relevant to mantle melting (e.g. ~0.2‰ at 1200 °C).

Schuessler et al. (2007) carried out experiments that can be used
to indirectly estimate the β-factor for Fe3+ in peralkaline rhyolitic
melt. They measured iron isotopic fractionation between pyrrhotite
and peralkaline rhyolitic melt containing 62% Fe3+ and 38% Fe2+.
Between 840 and 1000 °C, the experiments revealed approximately
constant ~+0.35 ‰ fractionation between pyrrhotite and melt,
corresponding to 103 lnβmelt−103 lnβpyrrhotite≈50×104/T2. This
result can be combined with the β-factor for pyrrhotite derived by
Polyakov et al. (2007) from nuclear inelastic resonant X-ray scattering
(103 lnβpyrrhotite≈29×104/T2) to estimate the β-factor for the silicate
melt, 103 lnβmelt≈79×104/T2. This β-factor is the average of the
contribution from 38% Fe2+ and 62% Fe3+. Assuming that Fe2+ in the
melt has the same β-factor as Fe2+ in silicate minerals (i.e.,
≈34×104/T2), one can derive for the β-factor of Fe3+ in a melt of
peralkaline rhyolitic composition, 103lnβFe

3+
melt≈107×104/T2

(Fig. 5). This would correspond to a fractionation between Fe2+ and
Fe3+ of ~+0.3‰ in melt at 1200 °C, possibly higher than what was
estimated for silicate minerals (~+0.2‰ at the same temperature).
However, the coordination environments of Fe2+ and Fe3+ in rhyolitic
and basaltic melt may be different (e.g. Métrich et al., 2006, Mysen,
2006; Schuessler et al., 2007), which could affect β-factors, so further
experimental work is needed. As a first approach we assume that the
β-factors of Fe2+ and Fe3+ in silicate liquid and solid are identical
(Appendix B).

We have calculated evolution curves for δ56Fe by assuming equi-
librium isotope fractionation between Fe2+ and Fe3+ and preferential
extraction during melting of heavier, incompatible Fe3+ (Fig. 6,
Appendix B). The Fe3+/Fe2+ ratio of MORBs shows little variation over
5–20% partial melting (Christie et al., 1986; Bézos and Humler, 2005;
Frost and McCammon, 2008), suggesting that oxygen fugacity is
Fig. 5. Reduced isotopic partition function ratios (β-factors, given here for 56Fe/54Fe) of
Fe2+ and Fe3+ in silicate minerals (Polyakov and Mineev, 2000; Schoenberg et al.,
2009) and Fe3+ in silicate melt of peralkaline rhyolitic composition (indirect estimate
derived from the studies of Schuessler et al., 2007; Polyakov et al., 2007; see text for
details). Ferric iron is systematically heavier than ferrous iron (by up to a few tenths of
permil at temperatures relevant to magma genesis).
buffered during melting. The chemical agent responsible for such buf-
fering is uncertain but themineral composition of the source could have
played a role. As the degree of melting increases during MORB gene-
ration, themodal abundance of pyroxene decreaseswhile that of olivine
increases. A corresponding increase in the effective melt–solid distri-
bution coefficient of Fe3+ is expected, which could have balanced the
decrease in the Fe3+/Fe2+ ratio of the solid residue, to producemagmas
that have approximately constant Fe3+/Fe2+ ratio. In order to explain
theMORB value of around+0.09‰ (Beard et al., 2003; Poitrasson et al.,
2004; Schoenberg and von Blanckenburg, 2006; Weyer and Ionov,
2007)with 10%partialmelting (Klein and Langmuir, 1987) of a buffered
source characterized by Fe3+/Fe2+=0.037 (Canil et al., 1994) and
δ56Fesource=+0.02‰ (Weyer and Ionov, 2007), equilibrium fraction-
ation between Fe2+ and Fe3+ of ~+0.3‰ is required (Fig. 6A). This is in
reasonable agreement with theoretical predictions (Fig. 5).

The amount of moderately incompatible Fe3+ left in the residue
during non-buffered melting decreases more rapidly than compa-
tible Fe2+. This results in a decrease in the degree of Fe isotope
fractionation between liquid and solid. Depleted mantle would be
expected to have low Fe3+/Fe2+ ratio as a result of preferential
extraction of Fe3+ (e.g. Fe3+/Fe2+=0.019 instead of 0.037 after 10%
Fig. 6. Redox-controlled Fe isotope fractionation of fertile (A) and depleted (B) mantle
sources (the relevant equations are given in Appendix B). Equilibrium fractionation
between Fe2+ and Fe3+ is taken to be ΔFe3+−Fe2+=+0.3‰ (Fig. 5). The liquid/solid
distribution coefficients of Fe2+ and Fe3+ are 1 and 10, respectively (Canil et al., 1994).
Because Fe3+ is more incompatible than Fe2+, the liquid has higher Fe3+/Fe2+ than the
solid residue and hence higher δ56Fe. The initial Fe3+/Fe2+ and δ56Fe of the fertile
mantle are 0.037 and +0.02‰, respectively (Canil et al., 1994; Weyer and Ionov, 2007).
For buffered melting, the Fe3+/Fe2+ ratio of the solid residue remains constant (0.037),
corresponding to usual equations of isotopic fractionation upon melting with
Δliquid� solid = þ0:07‰. For non-buffered melting, as melt extraction progresses
the amount of Fe3+ left in the residue decreases and isotopic fractionation between
liquid and solid also decreases. The starting parameters for non-buffered melting of a
depleted source are from fertile mantle after 10% non-buffered melt extraction. MORB/
OIB δ56Fe values can be explained by small to moderate degrees of partial melting of a
source with Fe3+/Fe2+~0.037 (e.g. 10% buffered fractional melting in A). Many IABs
and most boninites have δ56Fe similar to the mantle because they formed from larger
degrees of partial melting of depleted mantle sources with Fe3+/Fe2+~0.02 (e.g. 20%
non-buffered fractional melting in B).



Fig. 7. Calculation of melt-source iron isotopic fractionation as a function of degree of
partial melting and initial Fe3+/Fe2+ ratios. A. Non-buffered fractional melting. B.
Buffered fractional melting. The following parameters were adopted: ΔFe3+−Fe2+=
+0.3‰, KFe2+=1, KFe3+=10. See text and Appendix B for details.
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melt extraction). Non-buffered melting of such sources would yield
minimal iron isotopic fractionation (compare Figs. 6A and B). Thus,
boninite δ56Fe values of ~+0.03‰ can be explained by 20% melting of
a non-buffered source previously depleted by 10% non-buffered melt
extraction. A possible reason for the lack of buffering of oxygen
fugacity during boninite genesis might be the low modal abundance
of pyroxene in the harzburgitic source that would otherwise act as an
internal buffer. The factors affecting the iron isotopic composition of
subduction-related magmas appear intimately related to the oxygen
fugacity of the mantle (i.e., Fe3+/Fe2+ ratio). Although arc peridotites
and basalts are oxidized (Parkinson and Arculus, 1999; Frost and
McCammon, 2008; Kelley and Cottrell, 2009), this may reflect sec-
ondary alteration in the lithosphere or during degassing (Lee et al.,
2005). Indeed, V/Sc ratios in arc samples typically record MORB-like
oxygen fugacity during magma genesis (Lee et al., 2005). The near-
chondritic δ56Fe values of boninites and some IABs of both Eoarchean
and Phanerozoic ages are consistent with low Fe3+/Fe2+ ratios (e.g.
~0.02) in their source regions.

The simple model presented here predicts much higher Fe3+/Fe2+

ratio inMORB-typemagmas thanwhat is observed (i.e., Fe3+/Fe2+~0.14;
Bézos and Humler, 2005). For instance, for 10% non-buffered fractional
melting, the fractionation in δ56Fe value between the cumulative melt
and the residue is ~+0.06‰ but the corresponding Fe3+/Fe2+ ratio in
themelt is 0.24. This discrepancy could be alleviated using a lower initial
Fe3+/Fe2+ ratio or lower melt–solid distribution coefficient for Fe3+ if
(1) Fe2+ in basaltic melts was isotopically heavier than Fe2+ in mantle
minerals, (2) Fe3+–Fe2+ fractionation in silicate melts was larger than
the value adopted here (+0.3‰), and (3) the iron isotopic difference
betweenMORB andmantle was smaller than what was adopted here. In
addition to oxidation state, iron coordination environment may affect
iron isotopic fractionation (e.g., Polyakov and Mineev, 2000; Schauble,
2004). For instance, the ~0.15‰difference in δ56Fe value betweenhigh Ti
and low Ti lunarmare basalts (Poitrasson et al., 2004;Weyer et al., 2005)
cannot be related to redox conditions as Fe3+ is virtually absent from
the Moon. Instead, crystallization from silicate melts of more exotic
phases like ilmenite (Fe2+TiO3) might have induced iron isotopic
fractionation. Such considerations are important for isotopic fraction-
ation between Fe2+ and Fe3+ in silicate melts (e.g. Schuessler et al.,
2007). In silicate minerals, Fe2+ and Fe3+ are usually in 6-fold coordi-
nation with oxygen. In basaltic melts, the effective coordination of Fe2+

and Fe3+ is about 5, with Fe3+ possibly in a slightly lower coordination
than Fe2+ (e.g., Jackson et al., 2005; Wilke et al., 2005; Métrich et al.,
2006). It is unknown how the 5-fold coordination, which represents an
average, is actually distributed between 4-, 5- and 6-fold coordination
polyhedra. All things equal, iron is expected to be isotopically heavier in
lower coordination environments. Thus, differences in iron coordination
betweenmelt and solid may enhance the isotopic fractionation between
minerals and melt associated with redox.

4.4. Perspectives for redox conditions in Mars and the early Earth

Iron isotopes can also provide important constraints on the Fe3+/Fe2+

ratio in the early Earth. The peak in the distribution of δ56Fe values of
Eoarchean mantle peridotites at the value of the fertile upper-mantle
(Fig. 3) is consistent with no significant change in the iron isotopic
composition of Earth's mantle for more than 3.8 billion years. A notable
feature of some Eoarchean IABs and gabbros is that they have heavy iron
isotopic compositions around +0.1 ‰ (e.g. JG03-60, JG03-63, G04-86,
G04-87, Table 1), which are difficult to interpret if Earth's mantle at
3.8 Gawas significantlymore reduced (lowerFe3+/Fe2+) thanatpresent.
In Fig. 7, iron isotopic fractionation betweenmelt and source is calculated
for a range of initial Fe3+/Fe2+ ratios. If correct, this calculation shows
that some regions of Earth'smantle at 3.8 Gahad Fe3+/Fe2+ ratios similar
tomodern values (~0.037, Canil et al., 1994) in order to explain the heavy
iron isotopic composition of certain Eoarchean basalts. This agrees with
the studies of Canil (1997), Delano (2001), Li and Lee (2004), and Berry
et al. (2008) who showed that the oxygen fugacities during mafic and
ultramafic magmatism at 2.7–3.5 Ga were close to those of modern
basalts.

The idea that iron isotopic fractionation may be controlled by
equilibrium fractionation between Fe2+ and Fe3+ deduced from the
terrestrial basalt and boninite data presented here can also explain
why basaltic meteorites from Mars and Vesta have near-chondritic
iron isotopic compositions (Poitrasson et al., 2004;Weyer et al., 2005;
Anand et al., 2006; Schoenberg and von Blanckenburg, 2006). The
parent body of Eucrites is relatively reduced (oxygen fugacity at one
log unit below Iron-Wüstite buffer, IW-1) (Wadhwa, 2008 and
references therein) compared to Earth's upper-mantle (~IW+3.5).
Basaltic shergottites also formed under low oxygen fugacity (IW-1 to
IW+2.5). The most oxidized compositions among these martian
meteorites may reflect interaction between melts derived from a
reduced mantle source (~IW-1) and oxidized crust (e.g. Wadhwa,
2001, 2008; Herd et al. 2002). Indeed, in these samples oxidation
fugacity correlates with initial strontium and neodymium isotopic
compositions, possibly reflecting processes of crustal assimilation. The
relevant oxygen fugacity during genesis of basaltic shergottites may
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therefore be ~ IW-1. According to our model, partial melting of
reduced mantle on Mars and Vesta (IW-1, Fe3+/Fe2+~0) would pro-
duce magmas with iron isotopic composition identical to the source,
δ56Femelt−δ56Fesource∝(Fe3+/Fe2+)0 (Appendix B, Fig. 7), consistent
with the fact that these meteorites have near-chondritic δ56Fe values.

5. Conclusions

It was previously suggested that all terrestrial mantle-derived
magmas had heavy iron isotopic composition relative to chondrites
(δ56Fe~+0.1‰). New results reported here show thatmany Eoarchean
(≥3.7 Ga) to modern boninites and island arc basalts (IABs) formed by
large degrees of flux melting of depleted mantle sources have near-
chondritic iron isotopic compositions (δ56Fe~+0.03‰, Fig. 3). In the
New-Britain island arc, δ56Fe correlates with TiO2, a proxy for degree of
partial melting (Fig. 2). These variations are best explained by ~0.3‰
equilibrium isotope fractionation between Fe2+ and Fe3+ duringmantle
melting to formoceanic crust,with preferential extraction of isotopically
heavier, incompatible Fe3+. A quantitative model that relates the iron
isotopic composition of magmas to the degree of partial melting, Fe3+/
Fe2+ ratio (i.e., redox conditions), and buffering capacity of themantle is
presented for the first time (Appendix B). The idea that iron isotopic
fractionation during meltingmay be controlled by equilibrium fraction-
ation between Fe2+ and Fe3+ has important implications:

1. The heavy iron isotopic composition of Earth's oceanic crust
relative to basalts from Mars and Vesta is related to the oxidized
nature of Earth's mantle (IW+3.5 for Earth versus IW-1 for Mars
and Vesta).

2. Heavy iron isotopic compositions measured in some Eoarchean
basalts (up to ~+0.1‰, similar to modern MORBs and OIBs) sug-
gests that some regions of Earth's mantle had a Fe3+/Fe2+ ratio
similar to the modern value (~0.037) at ~3.8 Ga.

3. Subduction-relatedmagmas are derived from regions of themantle
that have Fe3+/Fe2+ ratios similar to, or lower than, those of mid-
ocean ridge sources.

4. The oxidized nature of some martian meteorites reflects modifi-
cation after melting (e.g. through assimilation) as these samples
have chondritic and unfractionated iron isotopic compositions.

Themodel proposed here is experimentally testable, by measuring
iron isotopic fractionation between Fe2+ and Fe3+ in silicate melts
and minerals.
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Appendix B. Redox-driven isotopic fractionation associated with
partial melting

The following equations give the Fe isotopic compositions of the
liquid (subscript l for batch melting or cl – cumulative liquid – for
fractional melting) and solid (s) assuming that Fe isotopic fraction-
ation during melting is solely driven by fractionation between
Fe2+ and Fe3+ (detailed derivation of these equations is given in
Appendix A),

ð56Fe3þ =54Fe3þÞl = ð56Fe3þ =54Fe3þÞs = ð56Fe2þ =54Fe2þÞl = ð56Fe2þ =54Fe2þÞs = 1;

ð56Fe3þ =54Fe3þÞl;s = ð56Fe2þ =54Fe2þÞl;s = α:

The following notations are used,

K = ½F e2þ�l = ½Fe2þ�s;

β = ðFe3þ =Fe2þÞl = ðFe
3þ

=Fe
2þ

Þs;

r = Fe3þ = Fe
2þ

;

f = ml =m0 = 1−ms =m0;

δ = ðR= Rstd−1Þ × 103
;

Δ = ðα−1Þ × 103
:

a. Non-buffered batch melting

δs = δ0−
r0

r0 + 1
×

f K
ð1−f Þðr0 + 1Þ + f K ðr0 + βÞ ðβ−1ÞΔ

δl = δ0 +
r0

r0 + 1
×

1−f
ð1−f Þðβr0 + 1Þ + fK βðr0 + 1Þ ðβ−1ÞΔ

b. Non-buffered fractional melting

δs = δ0 +
r0

1 + r0
×

ð1−f ÞKðβ −1Þ−1
1 + r0 ð1−f ÞKðβ −1Þ × Δ

δcl = δ0−
r0

1 + r0

� � ð1−f ÞβK−ð1−f ÞK
1 + r0−ð1−f ÞK−r0ð1−f ÞβK × Δ

c. Buffered batch melting

δs = δ0−
r0

r0 + 1
×

fK
ð1−f Þðr0 + 1Þ + fKð1 + βr0Þ

× ðβ−1ÞΔ

δl = δ0 +
r0

r0β + 1
×

1−f
ð1−f Þðr0 + 1Þ + fKð1 + βr0Þ

× ðβ−1ÞΔ

d. Buffered fractional melting

δs = δ0 + ln ð1−f Þ r0K
ð1 + r0Þ2

ðβ−1ÞΔ

δcl = δ0−
ð1−f ÞKð1þβr0Þ= ð1þr0Þ

1−ð1−f ÞKð1 + βr0Þ= ð1 + r0Þ lnð1−f Þ r0K
ð1 + r0Þ2

ðβ−1ÞΔ
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